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Abstract
While surface temperature gradients have been highlighted as drivers of low-level
atmospheric circulation, the underlying physical mechanisms remain unclear. Lindzen
and Nigam (1987) noted that sea level pressure (SLP) gradients are proportional to
surface temperature gradients if isobaric height (the height where pressure does not
vary in the horizontal plane) is constant; their own model of low-level circulation
assumed that isobaric height in the tropics is around 3 km. Recently Bayr and Dom-
menget (2013) proposed a simple model of temperature-driven air redistribution from
which they derived that the isobaric height in the tropics again varies little but occurs
higher (at the height of the troposphere). Here investigations show that neither the
empirical assumption of Lindzen and Nigam (1987) nor the theoretical derivations of
Bayr and Dommenget (2013) are plausible. Observations show that isobaric height is
too variable to determine a universal spatial or temporal relationship between local
values of air temperature and SLP. Since isobaric height cannot be determined from
independent considerations, the relationship between SLP and temperature is not
evidence that differential heating drives low-level circulation. An alternative theory
suggests SLP gradients are determined by the condensation of water vapor as moist
air converges towards the equator. This theory quantifies the meridional SLP differ-
ences observed by season across the Hadley cells reasonably well. Higher temperature
of surface air where SLP is low may be determined by equatorward transport and
release of latent heat below the trade wind inversion layer. The relationship between
atmospheric circulation and moisture dynamics merits further investigation.
1 Introduction
Low-level tropical winds are generally linked to convection, but the physical processes and
relationships remain a matter of interest and discussion. One question is whether the release
of latent heat in the upper atmosphere generates sufficient moisture convergence in the lower
atmosphere to feed convection. The observed relationship between sea surface temperature
and SLP (with warm areas having low pressure) is regarded as evidence that low-level
convergence is, rather, driven by the temperature gradients (see discussions by Lindzen and
Nigam, 1987; Neelin, 1989; Sobel and Neelin, 2006; Back and Bretherton, 2009; An, 2011).
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The central concept behind surface pressure gradients driven by surface differential
heating in a hydrostatic atmosphere is the existence of an isobaric height −− a certain
pressure level with its altitude remaining constant in either space or time despite changing
surface temperature and pressure. If such a level exists, in areas where temperature is high
and air density is low there will be less air below the isobaric height than where temperature
is low and air density is high. Accordingly, surface pressure equal to the weight of the air
column will be lower in the warmer than in the colder areas. Moreover, the surface pressure
and temperature gradients will be proportional to each other, with the proportionality
coefficient set by the isobaric height.
The main problem is to find the isobaric height. While for a liquid a natural candidate
is the height of the upper surface, our gaseous atmosphere lacks a sharp upper bound-
ary. Lindzen and Nigam (1987) suggested that isobaric height in the tropics approximately
coincides with the height of the trade wind inversion (≈ 3 km). However, no theoretical
justifications were offered. More recently Bayr and Dommenget (2013) suggested the height
of the troposphere could be isobaric. Specifically, Bayr and Dommenget (2013) proposed
a simple physical model where air is re-distributed between air columns subjected to dif-
ferential heating so as the height of a certain pressure level remains the same. From this
model Bayr and Dommenget (2013) concluded that this constant height is the height of the
troposphere at H ≈ 16 km and that it determines the proportionality between changes of
the mean tropospheric temperature and SLP.
So is the tropical isobaric height 3 km following Lindzen and Nigam (1987) or 16 km
following Bayr and Dommenget (2013)? If we knew that a constant isobaric height exists
in the tropics and could link its magnitude to known atmospheric parameters, we could use
surface temperatures to predict surface pressures and, resulting from air circulation, mois-
ture convergence and precipitation. Our incomplete understanding of the physical principles
governing low-level circulation is manifested by the inability of atmospheric models to repli-
cate the terrestrial water cycle (Marengo, 2006; Hagemann et al., 2011) as well as by the
challenge of confidently predicting precipitation and air circulation under a changing climate
(e.g., An, 2011; Huang et al., 2013).
To explore the relationship between surface pressure and temperature we start by re-
examining the derivation of Bayr and Dommenget (2013). We identify and resolve several
inconsistencies in their model (Section 2). We demonstrate that the height of the tropical
troposphere is not an isobaric height and that it does not determine the ratio between the
mean tropospheric temperature and SLP changes. We then derive a general relationship
linking the ratio of gradients (as well as of temporal changes) of surface pressure and
temperature to an isobaric height. We show that this ratio is a function not of one but of
two heights, isobaric and isothermal (Section 3).
Using data provided by the National Centers for Environmental Prediction/National
Center for Atmospheric Research (NCEP/NCAR) Reanalysis (Kalnay et al., 1996) and the
Remote Sensing Systems (Mears and Wentz, 2009) we investigate the spatial and temporal
relationships between tropical SLP and air temperature on a seasonal timescale (Section 4).
These data show no constant isobaric height in the tropical atmosphere. The isobaric height
(defined as the height where the meridional pressure gradient is zero) in fact grows sharply
from zero around the 30th latitudes to above the tropospheric height at the equator. We
show that the isobaric height varies with location and season.
We then demonstrate that in theory a constant isobaric height dictates a proportional-
ity between pressure gradients at the surface and in the upper atmosphere irrespective of
whether the latter are driven by differential heating at the surface or in the upper atmo-
sphere. We demonstrate that in the real atmosphere such a proportionality does not exist
(Section 5). We argue that the mere existence of a relationship between surface gradients
of pressure and temperature does not by itself imply causality and is thus insufficient to
conclude that surface pressure gradients are driven by differential heating.
We here propose an alternative concept to understand and quantify the observed sur-
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face pressure variation in the tropics. Horizontal transport of moisture with its subsequent
condensation and precipitation away from the point where it evaporated produces pressure
gradients due to the changing air concentration as it moves from the evaporation to con-
densation area (Makarieva et al., 2013b, 2014a). Pressure is greater where water vapor is
added and lower where it is removed from the air column. Horizontal moisture transport
thus appears to be the direct cause of the surface pressure gradients that, in their turn,
maintain this transport and the associated convection. This theoretical approach effectively
describes the seasonal dynamics of surface pressure differences across the Hadley cells (Sec-
tion 6). Finally, we show that the horizontal transport of moisture can also account for the
association between the surface pressure and temperature gradients (Section 7).
2 The physical model of Bayr and Dommenget (2013)
Bayr and Dommenget (2013) begin their derivation with an equation they refer to as "the
hydrostatic equation"
dp = −ρgdη (1)
with pressure p, density ρ, gravity constant g, and η described as "air column height"1.
According to Bayr and Dommenget (2013), for an "isobaric thermal expansion of the air
column" it follows from the ideal gas law that
dη =
η
T
dT, (2)
where T is temperature. Bayr and Dommenget (2013) propose that "to balance the heights
of the two columns at the end, half of the height difference is moved from the warmer to
the colder air volume". They conclude that using Eqs. (1) and (2) one obtains how SLP
depends on temperature
dp
dT
=
1
2
ρg
η
T
. (3)
We first note that the resulting equation (3), which forms the basis for all analyses presented
by Bayr and Dommenget (2013), mathematically contradicts the preceding equations (1)
and (2) from which it presumably derives. Indeed, combining (1) and (2) we find that the
minus sign in (3) has been lost, while the 1/2 multiplier has been added (cf. Eq. (17) below).
The physical validity of the derivation (1)-(3) is further undermined by the use of the in-
correct hydrostatic equation (1) and by the lack of an explicit definition of the key variables.
For atmospheric air conforming to the ideal gas law
p = NRT, R = 8.3 J mol−1 K
−1
, (4)
where N is molar density, the correct hydrostatic equilibrium equation is
dp(z) = −ρ(z)gdz, ∂p
∂z
= −p
h
, h ≡ RT
Mg
, (5)
where M is molar mass. Here z is not the "air column height", but an arbitrary height in
the atmosphere, dp(z) is not the change of SLP with time, but the spatial change of air
pressure over a small vertical distance dz at height z. Note that the exponential scale height
h of pressure conforms to (2) but not to (1).
The "air column height" η is never formally defined by Bayr and Dommenget (2013)
despite balancing this particular height is key to their model. To estimate dp/dT from (3)
Bayr and Dommenget (2013) set ρ in (3) equal to the mean air density in the troposphere
ρ = ρa = 0.562 kg m−3. They take η equal to the height H of the tropical troposphere
1In the derivation of Bayr and Dommenget (2013) η in (1) is denoted as h.
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η = H = 16.5 km and temperature T equal to the mean tropospheric temperature Ta
defined as the mean air temperature below 100 hPa, T = Ta = 263.6 K. Then (3) gives
dp/dT = 1.7 hPa K−1.
Density ρ in (3) and (1) is not well defined either as it is not specified to which part
of the atmospheric column it pertains. While air temperature T (z) varies by about 30%
at most from its surface value to the top of the troposphere, tropospheric air density ρ(z)
as well as air pressure p(z) vary by an order of magnitude. In their quantitative estimate
Bayr and Dommenget (2013) interpreted dp as describing sea level pressure change but for
density ρ they took the mean tropospheric instead of surface value. This choice was incorrect
as we demonstrate below (see Eq. (17) in the next section).
3 Isobaric height
The model of Bayr and Dommenget (2013) did not consider how temperature might vary
with height. We will here derive a general relationship linking surface pressure and tem-
perature to the vertical structure of the atmosphere. We will allow air temperature to vary
with height with a lapse rate Γ ≡ −∂T/∂z, which is independent of height but can vary in
the horizontal direction.
We introduce the following dimensionless variables to replace height z and lapse rate Γ:
Z ≡ z
hs
, c ≡ Γ
Γg
, hs ≡ RTs
Mg
≡ Ts
Γg
, Γg ≡ Mg
R
= 34 K km−1, M = 29 g mol−1. (6)
For air temperature we have
T (Z) = Ts(1− cZ), Z < c−1, Ts ≡ T (0). (7)
The hydrostatic equilibrium equation (5) assumes the form
− ∂p
∂Z
= ρghs =
p
1− cZ . (8)
Solving (8) for p ≥ 0 we have
ln
p
ps
= −
∫ Z
0
dZ ′
1− cZ ′ =
1
c
ln(1− cZ) ≈ −Z − 1
2
cZ2. (9)
The approximate equality in (9) holds for cZ  1, which corresponds to z  hs(Γg/Γ) =
45 km, which is always the case in the troposphere.
Pressure p(z) and temperature T (z) at a given height z are functions of ps, Ts and
Γ. Taking the total differential of the approximate relationship for p (9) over these three
variables we obtain:
dp = ps(da+ Zdb− 1
2
Z2dc)e−Z , (10)
where da, db and dc stand for the dimensionless differentials of ps, Ts and Γ:
da ≡ dps
ps
≈ dps
ps
, db ≡ dTs
Ts
≈ dTs
Ts
, dc ≡ dΓ
Γg
, (11)
where ps = 1013 hPa is the annual mean SLP, Ts = 298 K is the annual mean surface air
temperature in the tropics. With height z fixed, these differentials describe the change of
respective variables in time and/or horizontal dimension. The inaccuracy of the approximate
relationships in (11) is determined by the relative changes of SLP and surface temperature
across the tropics. For the zonally averaged ps and Ts this inaccuracy does not exceed 4%.
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Isobaric height ze ≡ Zehs is defined from (10) as the height where dp = 0. It is deter-
mined from the following quadratic equation:
da+ Zedb− 1
2
Z2edc = 0, Ze =
db
dc
(
1±
√
1 + 2
da
db
dc
db
)
. (12)
There are at maximum two isobaric heights. Note that the isobaric height Ze (12) does not
depend on lapse rate c but only on its differential dc. This is a consequence of the smallness
of cZ  1 in the troposphere.
When db = 0, i.e., when the surface temperature does not vary, but only lapse rate does,
we have from (12)
da
dc
=
Z2e
2
. (13)
The surface pressure change is proportional to the change in lapse rate, i.e. the pressure is
lower where the lapse rate is smaller, with the proportionality coefficient equal to half the
squared isobaric height.
By analogy with the isobaric height, isothermal height zi ≡ Zihs is found by taking
total differential of T (7) over Ts and Γ and putting dT = dTs − TsZidc = 0. This gives
Zi =
db
dc
=
1
hs
dTs
dΓ
, zi ≡ Zihs = dTs
dΓ
. (14)
From (12) and (14) we obtain the following relationship for the ratio of the differentials
of surface pressure and temperature (11):
da
db
= −Ze
(
1− 1
2
Ze
Zi
)
. (15)
When, as in the model of Bayr and Dommenget (2013), lapse rate is assumed to be
constant with dc = 0, we have Zi =∞ and (15) becomes (cf. 13)
da
db
= −Ze. (16)
Expressing this result using notations (11) we find
dps
dTs
= − ze
hs
ps
Ts
= −ρsg ze
Ts
. (17)
Comparing (17) to (3) of Bayr and Dommenget (2013) we notice the absence of coefficient
1/2 in (17) and the presence of surface air density ρs in (17) instead of an undefined air
density ρ in (3). If, as did Bayr and Dommenget (2013), one assumes ze to be equal to the
tropospheric height H = 16.5 km, then Eq. (17) with ρs = 1.2 kg m−3 and Ts = 300 K yields
dps/dTs = −6.5 hPa K−1. This estimate is 2.7 times greater by absolute magnitude than the
ratio dps/dTa = −2.4 hPa K−1 obtained by Bayr and Dommenget (2013, their Fig. 2) from
observations (note that in the case considered in the model of Bayr and Dommenget (2013)
with dc = 0 we have dTs/dTa = Ts/Ta ≈ 1 and dps/dTa ≈ dps/dTs, see Appendix A). This
discrepancy shows that neither the tropospheric height nor the mean tropospheric density
determine the ratio of pressure and temperature changes in the tropical atmosphere.
In the general case the ratio da/db = (dps/dTs)(Ts/ps) (15) is controlled not only by
the isobaric height Ze but also by the isothermal height Zi. Ratios da/db and db/dc in (12)
and (14) can be understood as the ratios of the gradients of the corresponding variables,
e.g. da/db = (∂ps/∂y)/(∂Ts/∂y)(Ts/ps), where (∂ps/∂y)/(∂Ts/∂y) is the ratio of pressure
and temperature gradients in a given y direction (e.g. along the meridian). In this case for
any y the value of ze (or zi) has the meaning of a height where ∂p/∂y = 0 (or ∂T/∂y = 0),
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i.e. where pressure (or air temperature) does not vary over y. Second, for a particular
grid point these ratios can be understood as the ratio of temporal derivatives: dps/dTs =
(∂ps/∂t)/(∂Ts/∂t). In this case ze and zi represent the height of a pressure level and a
temperature level that do not change with time. Finally, these ratios can be understood as
the ratios of small finite differences between pressure or temperature in a given grid point
and a certain reference value of pressure or temperature, dps/dTs = ∆ps/∆Ts.
In all these cases the proportionality between pressure and temperature variations, either
temporal or spatial, will result if ze and zi are constant, see (15). We can estimate all
parameters in (15) from empirical data to see if such a relationship holds across the tropics.
4 Data analysis
We used NCAR-NCEP reanalysis data on SLP and surface air temperature, as well as on
geopotential height and air temperature at 13 pressure levels provided by the NOAA/OAR/ESRL
PSD, Boulder, Colorado, USA, from their Web site at http://www.esrl.noaa.gov/psd/ (Kalnay
et al., 1996). As an estimate of the mean tropospheric temperature we took TTT (Temper-
ature Total Troposphere) MSU/AMSU satellite data provided by the Remote Sensing Sys-
tems from their Web site at http://www.remss.com/measurements/upper-air-temperature
(Mears and Wentz, 2009). Monthly values of all variables were averaged over the time pe-
riod from 1978 (the starting year for the TTT data) to 2013 to obtain 12 mean monthly
values and one annual mean for each variable for each grid point on a regular 2.5° × 2.5°
global grid.2
All variables were zonally averaged. Meridional gradients ∂X/∂y of variable X (X =
ps, Ts) at latitude y were determined as the difference in X values at two neighboring
latitudes and dividing by 2.5°: ∂X(y)/∂y ≡ [X(y + 1.25°)−X(y − 1.25°)]/2.5°. Meridional
pressure gradients corresponding to pressure level pj were calculated from the geopotential
height gradient ∂pj/∂y = (∂zj/∂y)pj/hj, where zj is the geopotential height of pressure level
pj, hj = RTj/(Mg) is the exponential pressure scale height (5) and Tj is air temperature at
this level. The following pressure levels covering the tropical troposphere were considered:
1000, 925, 850, 700, 600, 500, 400, 300, 250, 200, 150, 100 and 70 hPa. Isobaric height ze at
each latitude was determined as the minimal height where the meridional pressure gradient
changes its sign.
In Fig. 1 we plotted the observed isobaric height ze and compared it with the ob-
served ratio of the meridional gradients of SLP and surface air temperature −hs(da/db) ≡
−hs(dps/dTs)(Ts/ps) = −hs(∂ps/∂y)/(∂Ts/∂y)(Ts/ps). There are two take-away messages
from Fig. 1. First, the isobaric height of the tropical atmosphere is not constant: it rises
steeply from zero at the outer borders of Hadley cells to above the top of the troposphere
near the equator. During some months (e.g., June, July, August) it also has a trough at the
equator. Second, the isobaric height does not universally determine the local ratio between
surface gradients of pressure and temperature as illustrated by the discrepancy between
the purple and black curves. The two curves have a tendency to match at low and depart
from one another at high values of empirical ze. The observed meridional variation of ze
is associated with the variation in the direction of geostrophic zonal winds. Since the ve-
locity of these winds is proportional to the meridional pressure gradient, at z = ze they
2TTT data array contains 144 (360/2.5) longitude and 72 (180/2.5) latitude values each pertaining to
the center of the corresponding grid point. NCAR-NCEP data arrays contain 144 longitude and 73 latitude
values each pertaining to the border of the corresponding grid point. E.g., the northernmost latitude in
the NCAR-NCEP data is 90°N, while for the TTT data it is 90 − 2.5/2 = 88.75°N. This discrepancy was
formally resolved by adding an empty line to the end of the TTT data such that the number of lines match
and matching i, j grid points in the two arrays. In the result, every TTT value refers to a point in space that
is 1.25 degree to the South and to the East from the coordinate of the corresponding NCAR-NCEP value.
This relatively small discrepancy did not appear to have any impact on any of the resulting quantitative
conclusions (i.e. if instead one moves TTT points to the North, the results are unchanged).
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have zero velocity. The surface z = ze is the surface where zonal winds change their direc-
tion (cf. Fig. 1a of Schneider, 2006). Beneath this roof-like surface (with slopes in the two
hemispheres) the pressure falls towards the equator and the zonal winds blow from East to
West.
To estimate the observed da/db ratio from (15) we need to know the isothermal height
Zi. In their model Lindzen and Nigam (1987) adopted a constant isothermal height equal to
10 km. They observed that the horizontal temperature differences at the level of zLN = 3 km
are 30% smaller than the corresponding differences at the sea level: ∆T (zLN) = 0.7∆Ts.
From T (zLN) = Ts − ΓzLN and (14) we obtain zi ≡ ∆Ts/∆Γ = zLN/0.3 = 10 km. This
estimate is in approximate agreement with observations of the zonally averaged temperature
gradient: the isothermal height in the tropical atmosphere corresponds to the pressure level
of 200 hPa or about 12 km (Fig. 2). The blue curve in Fig. 1 shows that Eq. (15) describes
the observed da/db ratio better than Eq. (16) (black curve) (note that in the regions where
db ≈ 0 and da/db apparently cannot be estimated from the data with sufficient accuracy).
Taking a derivative of −da/db (15) over latitude y at constant Zi
∂
∂y
(
−da
db
)
=
∂Ze
∂y
(
1− Ze
Zi
)
(18)
reveals that the −da/db ratio has an extremum (maximum) for Ze = Zi, i.e. where the
isobaric height ze approaches 12 km. With Ze growing beyond Zi (∂Ze/∂y > 0, Ze > Zi),
the derivative changes its sign and −da/db starts to decline. As the term in brackets in
(18) is less than unity, the meridional variation of −da/db ratio is always less than that of
the isobaric height Ze. When Ze reaches twice the isothermal height, Ze → 2Zi, from (15)
we have −da/db → 0. This is a point of singularity, with da = db = dc = 0 and pressure
coinciding between the considered equatorial columns at all heights, including z = 0 and
z = zi (see the green line in Fig. 4e,h below).
This equatorial minimum of −da/db is relevant to the problem of "back pressure" in
the model of Lindzen and Nigam (1987). Lindzen and Nigam (1987) proposed that pressure
differences are negligible along height zLN = 3 km which corresponds to pressure level of
700 hPa. The −da/db ratio corresponds to this height around the 20th latitudes where
the absolute magnitude of the pressure gradient is the largest (Fig. 1). At lower latitudes
it grows to about five kilometers to decline to near zero in the immediate vicinity of the
equator in some months. If −da/db ratio is assumed to be a constant corresponding to
ze = 3 km, this leads to an overestimate of the pressure gradient near the equator and an
overestimate of the equatorial moisture convergence. To cope with this problem Lindzen
and Nigam (1987) introduced a "back pressure" correction to their model which adjusted
the near-equatorial pressure field to fit the observations. However, we can see from Fig. 1
that the concept of a constant isobaric height linking surface pressure and temperature does
not hold at large in the tropics. In particular, the assumption of Lindzen and Nigam (1987,
their Eq. 9a) that the latitudinal variation in ze (or −da/db) is small apparently does not
hold3.
3We make a brief comment on an atmosphere where as in the model of Lindzen and Nigam (1987) the
isobaric height would be constant. How would winds depend on ze in such an atmosphere? A small isobaric
height at fixed surface temperature gradients means that the surface pressure gradients are small. In the
limit ze → 0 the surface pressure gradients disappears and the low-level winds should vanish. Contrary to
this expectation Lindzen and Nigam (1987) found little dependence of meridional winds on ze in their model.
A smaller ze expectedly produced weaker surface pressure gradients, but it also produced a proportionally
larger damping coefficient  ≡ CD|Vc|/ze, where CD is a constant and Vc is a typical wind speed at ze
taken by Lindzen and Nigam (1987) to be equal to 8 m s−1. As a result of a weaker meridional pressure
gradient, zonal wind did decrease proportionally to the surface pressure gradient. However, the meridional
wind proportional to the product of zonal wind and the damping coefficient  (Lindzen and Nigam, 1987,
see their Eq. 12a), did not change much. The decrease in pressure gradient was offset by an increase in the
damping coefficient , such that the low-level air convergence remained approximately independent of ze.
However, this conclusion critically derives from the assumed constancy of Vc −− characteristic wind speed
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Another illustration to the same problem is provided by the results of Bayr and Dom-
menget (2013). Bayr and Dommenget (2013, their Fig. 2) made a regression of spatial SLP
differences ∆ps ≡ ps− ps versus mean tropospheric temperature differences ∆Ta ≡ Ta−Ta,
where ps and Ta are values in a given gridpoint and ps and Ta are the mean tropical values4.
By construction, this regression line goes through the axis origin (∆ps = 0, ∆Ta = 0). The
regression slope of ∆ps/∆Ta = −2.4 hPa K−1 obtained by Bayr and Dommenget (2013)
corresponds to ∆ps/∆Ts ≈ −1.3 hPa K−1 (see Appendix A on the relationship between the
mean tropospheric temperature Ta and surface temperature Ts). From (17) for Ts = 298 K,
ps = 1013 hPa and hs = 8.7 km (6) and ∆ps/∆Ts = −1.3 hPa K−1 we obtain an average
ze = 3 km in agreement with the assumption of Lindzen and Nigam (1987). However, as the
linear regression minimizes the departure of the empirical points from the theoretical curve,
the slope of a regression line that goes through the axes origin is set by the values that
depart most from the zero point. The smaller ∆ps and ∆Ts values make the least contribu-
tion to the determination of the regression slope. Therefore, the regression made by Bayr
and Dommenget (2013) does not actually estimate the pantropical mean value of the ratio
between pressure and temperature variations. Rather, the regression slope characterizes the
value of this ratio where ∆ps and ∆Ts are the largest.
Our own analysis of the seasonal dynamics of the relationship between pressure and
temperature confirms the absence of a universal ratio between pressure and temperature
changes. For each grid point, we made a reduced major axis regression of the monthly
changes of pressure ∆˜ps on the monthly changes of temperature ∆˜Ts. Here ∆˜ps ≡ ps(m2)−
ps(m1) and ∆˜Ts ≡ Ts(m2) − Ts(m1), where m1 and m2 are two consecutive months (e.g.,
December and January). A similar analysis was performed for ps and Ta.
In the equatorial land regions with high rainfall −− in the Amazon and Congo river
basins, see point C in Fig. 3 −− the regressions were not significant at 0.01 probability
level5. Where the regressions are significant, the largest (by absolute magnitude) regression
slopes tend to be concentrated in the regions of the largest SLP gradients, i.e. around the
15-20th latitudes (Fig. 3). These local dependences between ∆˜ps and ∆˜Ts can be explained
by the seasonal migration of the Hadley cells where lower pressure is spatially associated
with higher temperature (see Fig. 8b below). This explanation is supported by the fact
that the tropical mean of the local ∆˜ps/∆˜Ts ratio, −1.1 hPa K−1 (Fig. 3), is approximately
equal to the tropical mean ratio of the spatial differences ∆ps/∆Ts = −1.3 hPa K−1 (see
at the top of the boundary layer. In reality Vc is not independent of ze. In the model of Lindzen and Nigam
(1987) the boundary layer height was assumed to be equal to ze ∼ 3 km, which is unrealistic. In the real
atmosphere the height of boundary layer hb is much smaller, hb ∼ 1 km  ze. Because of this, pressure
gradients at the top of the boundary layer are determined by the surface pressure gradients and close to
them. Since at the top of the boundary layer winds are approximately geostrophic (Back and Bretherton,
2009), this means that the geostrophic wind speed Vc at the top of the boundary layer (which is used in the
determination of the damping coefficient) is approximately proportional to the surface pressure gradient.
Consequently, it decreases with decreasing ze. In the result, with decreasing ze (decreasing surface pressure
gradient), surface winds will decline as well proportionally to the declining Vc.
4Note that Fig. 2 of Bayr and Dommenget (2013) describes the relationship between spatial differences
of pressure and temperature rather than between their temporal changes. In that figure ∆ps and ∆Ta values
from the four seasons are plotted together. It is clear that if there were no seasonal change of ∆ps/∆Ta
whatsoever, such a regression would nevertheless produce a non-zero slope reflecting the time-invariable
spatial association between higher temperature and lower pressure.
5On land, sea level pressure is not an empirically measured variable, but is calculated from pressure
pl(zl), temperature Tl(zl) and the geopotential height zl of the land surface assuming Γ = 6.5 K km−1 for
0 ≤ z ≤ zl, where z = 0 corresponds to the sea level. This definition introduces a formal dependence of psl
(sea level pressure on land) on surface air temperature Tl, the strength of which is directly proportional to zl.
That is, psl diminishes with growing Tl even if pl and, hence, the amount of gas in the atmospheric column
remains constant. Approximating the hydrostatic equation (5) as (pl − psl)/zl = −pl/h, h = RTl/(Mg),
and taking the derivative of this equation over Tl at constant pl we obtain dpsl/dTl = (zl/h)pl/Tl. For
the mean geopotential height zl = 0.6 km of the tropical land, pl = 950 hPa and Tl = 295 K we find
dpsl/dTl = −0.2 hPa K−1, i.e. about 20% of the mean ratio established by us for the tropical land (Fig. 3)
is not related to any air redistribution but is a formal consequence of the definition of psl.
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Appendix A). Likewise the result of Bayr and Dommenget (2013, cf. their Figs. 2 and 8)
−− that the long-term trends in ps and Ta have a similar ratio −2.4 hPa K−1 as their mean
spatial differences −− indicates that these trends reflect a shift in the form (e.g., widening)
or displacement of the Hadley cells.
Outside the tropics where, in contrast to the tropics, areas of low pressure are at the
same time areas of low temperature (particularly the southern Ferrel cell), the seasonal
relationship between pressure and temperature changes is generally less consistent than it
is in the tropics and somewhere it is reversed −− i.e., pressure and temperature rise or
decline together (see point E in Fig. 3).
Since the relationship between tropical pressure and temperature is apparently variable,
a model that assumes a constant ratio between temporal changes of pressure and tempera-
ture cannot be used for predicting regional changes of pressure from changes in temperature
in a warming or cooling climate. Nor can a model based on a constant ratio between spatial
differences of temperature and pressure successfully describe the time-averaged circula-
tion. Relative errors resulting from such models will be the largest where the pressure and
temperature variation are the smallest by absolute magnitude. Lindzen and Nigam (1987)
emphasized how a distorted representation of the small pressure gradients in the equato-
rial regions can mislead model-derived estimates of circulation and moisture convergence
intensity.
5 Vertical profiles of pressure differences
We will now discuss in a broader context the question of causality: is there a physical mech-
anism by which differential heating at the surface could cause a surface pressure gradient?
In this section we will consider differentials in (11) as corresponding to small finite
differences in respective variables (∆p, ∆T and ∆Γ) between two air columns that are
separated along the meridian by a small finite distance ∆y. Then dp = ∆p(z) in (10) is a
small pressure difference at a given height between the two air columns. This difference has
an extremum above the isobaric height Ze (12) at a certain height Z0 which is determined
by taking the derivative of (10) over Z and equating it to zero, see (10), (12) and (14):
∂∆p
∂Z
= 0, da+ Z0db− 1
2
Z20dc− db+ Z0dc = 0, Z0 = 1 + Zi ±
√
(Ze − Zi)2 + 1. (19)
At this height the pressure difference is equal to
∆p0 ≡ ∆p(Z0) = pse−Z0
(
da+ Z0db− 1
2
Z20dc
)
= pse
−Z0(db− Z0dc). (20)
Note that by definition when ∆p0 = 0 we have Ze = Z0 = Zi. As is clear from Fig. 4,
where the vertical profiles of ∆p(z) (10) are shown for different values of da, db and dc, this
extremum corresponds to the maximum pressure difference between the air columns above
the lower isobaric height.
When the vertical lapse rate is constant, dc = 0, from (19) we have Z0 = 1− da/db. In
this case, as is clear from (20), for small values of da/db  1 the magnitude of ∆p0 does
not depend on da, but is directly proportional to db, i.e. to ∆Ts (11) (Fig. 4a). This means
that under these particular conditions a surface temperature gradient directly determines
the pressure gradient in the upper atmosphere. In this sense there is no difference between
surface temperature gradient and a gradient of lapse rate related to latent heat release −−
both can only determine a pressure surplus aloft, cf. Fig. 4a,b and Eqs. (15) and (13). We
emphasize that while the magnitude of the tropospheric pressure gradient can be approx-
imately specified from considerations of the hydrostatic balance and surface temperature
gradients alone, the magnitude of the surface pressure gradient cannot.
9
In the general case, the height of the extremum Z0 as well as the ratio between the
pressure surplus aloft and the pressure shortage at the surface ∆p0/∆ps are functions of
two parameters, the isobaric and isothermal heights Zi and Ze. Thus, when Zi and Ze are
constant in space or time, the ratio between the pressure surplus aloft and the pressure
shortage at the surface in the warmer column is constant as well: the larger the pressure
surplus aloft, the larger the surface pressure shortage, with a direct proportionality between
the two. This is consistent with the conventional thinking about differential heating, that the
upper pressure surplus will cause air to diverge from the warmer column, the total amount
of gas will diminish and there appears a shortage of pressure at the surface ∆ps < 0 .
This reasoning would be testable if it were possible to specify Zi and Ze independently
of the da/db ratio. However, such an independent specification apparently does not exist,
while Ze varies significantly in space and time (Figs. 1, 2). The ratio between the surface
pressure gradient and the maximum pressure gradient in the upper atmosphere
∂ps/∂y
∂p0/∂y
= −eZ0Ze [1− Ze/(2Zi)]
1− Z0/Zi (21)
also varies within broad margins (Fig. 5). It is larger at the equator than at the poleward
ends of the cell: the larger the pressure gradient aloft by absolute magnitude, the smaller,
in relative terms, the pressure gradient at the surface (Fig. 5).
Our reading of current evidence and arguments is that a physical theory explaining how
differential heating determines low-level pressure gradients does not exist. That is to say, it
remains impossible to link observed pressure gradients to gradients of air temperature using
fundamental atmospheric constants and physical relationships. Thus, any air circulation
model attempting to reproduce low-level circulation based on differential heating physics
must tune its key parameters (e.g., the da/db ratio) to fit with observations. Such a fitted
model cannot readily be used to test the underlying relationships as their validity has
already been assumed. We propose that surface pressure and temperature gradients are
generated primarily by water vapor dynamics. We will now explain the physical mechanisms.
6 Condensation-induced pressure differences
The key physical proposition is that water vapor condensation in the moving air releases
potential energy at a rate s (W m−3) proportional to air velocity in the direction of decreas-
ing partial pressure of water vapor pv (Makarieva and Gorshkov, 2010; Makarieva et al.,
2013b, 2014a):
s = −pw∇γ − v∇pv, γ ≡ pv/p. (22)
We consider zonally averaged stationary circulation where all variables depend on height z
and distance along the meridian y; w and v are the vertical and horizontal (meridional) air
velocities, respectively. The first term describes condensation in the rising air. The second
term describes condensation or evaporation in the air moving along a horizontal temperature
gradient. Integrating s over height in the entire atmosphere yields precipitation P per unit
area of the Earth’s surface in energy units PRT (W m−2). With potential energy from
condensation converted to the kinetic energy of atmospheric air, PRT should be equal to
the independently estimated total power of atmospheric circulation on Earth. This agrees
well with observations (Makarieva et al., 2013b,a).
In hydrostatic equilibrium the kinetic power is generated by horizontal pressure gradients
only (the vertical pressure gradients are offset by the gravity force). Integrating s (22) over
the entire volume occupied by the condensation-induced circulation we have
−
∫
v∇pdzdy =
∫
sdzdy =
∫
[−pw∇γ − v∇pv]dzdy. (23)
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Eq. (23) formulates a constraint on the total kinetic power of a stationary circulation driven
by condensation. Our goal is now to show that under reasonable assumptions about the
geometry of the circulation and condensation areas Eq. (23) makes it possible to estimate
surface pressure difference ∆ps across the circulation.
At the outer borders of our circulation y = y1 and y = y2 meridional velocity v is
zero, v(y1) = v(y2) = 0 (Fig. 6). Water vapor evaporated in the upstream part of the
circulation where the air descends is transported to the downstream part of the circulation
where the air ascends and the imported water vapor condenses. Reflecting this water vapor
transport it is convenient to divide the circulation area into two parts, the donor and the
receiver areas, respectively. They are delimited by line y = y3 where horizontal velocity v is
maximum v(y3) = vmax (Fig. 6). For simplicity we assume the two parts to be of equal size.
The length of the donor and receiver areas are respectively Ld = y3 − y1 and Lr = y2 − y3,
total length L = 2Ld = 2Lr = y2 − y1 (Fig. 6).
We take into account that most part of kinetic energy is generated and dissipated in the
narrow layer near the surface z ≤ hb such that the first integral in (23) can be written as∫
v∇pdzdy ≡ hb
∫
(vs∂ps/∂y)dy, (24)
where vs and ps are velocity and pressure at the surface and hb is the effective height
of this layer. The product v∂p/∂y declines approximately linearly with increasing height
up to 850 hPa (1.2 km) where it becomes about one order of magnitude smaller than it
is at the surface (Fig. 7). This means that hb ≈ 0.6 km in (24) approximately coincides
with the planetary boundary layer. We also assume that the low-level air moves from the
colder donor area to the warmer receiver area, such that ∇pv in (23) describes the gradient
of water vapor partial pressure owing to surface evaporation that increases water vapor
concentration in the surface layer z ≤ zs where the relative humidity is less than unity,
with zs being the saturation level. Since zs ≈ hb we can approximate
∫
v∇pvdzdy in (23)
by hb
∫
(vs∂pvs/∂y)dy. Using (24) and a linear approximation −∇p = ∆p/L, ∇pv = ∆pv/L
we can re-write (23) as
(∆p+ ∆pv)hbvs = wrLrpγr, vs ≡ L−1
∫ y2
y1
vdy, wr ≡ L−1r
∫ y2
y3
w(hb)dy. (25)
Here wr is the mean vertical velocity at height hb and γr = (γ2 + γ3)/2 is the mean relative
partial pressure of water vapor at the surface in the receiver area, γ2 and γ3 are calculated,
respectively, at y2 and y3. When deriving the right-hand part of (25) from (23) we have
taken into account that pw is approximately constant up to a height zc where most water
vapor has condensed and γ(zc)  γs(see Makarieva et al., 2013a, their Eq. A2). We have
also assumed that s = −v∇pv for z ≤ hb (no condensation below hb).
On the other hand, from the integral continuity equation at the border of the donor and
receiver areas we have
hbvmax = wrLr, (26)
Assuming that v increases approximately linearly from v(y1) = 0 to v(y3) = vmax and
then decreases linearly to v(y2) = 0 and neglecting the vertical variation in velocity in the
boundary layer z ≤ hb (Stevens et al., 2002) we put vs/vmax = 1/2. Using this ratio, the
expression for γr and (26) we are able to cancel velocities and linear scales in (25) to obtain
∆ps = ps(γ1 + γ3) = pv1 + pv3, z ≤ hb. (27)
The drop of surface pressure in our condensation vortex is equal to the sum of water vapor
partial pressures at the two borders (y1 and y3) of the donor area (Fig. 6). Remarkably, the
pressure drop does not depend on the linear size L of the circulation.
However, the main equation (23) from which (27) derives does not indicate the spatial
scale of the air velocities and pressure gradients under consideration. If the considered
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horizontal scale L includes many condensation-induced vortices with chaotically oriented
pressure gradients, then the resulting large-scale pressure gradient and large-scale mean
velocities v and w observed on scale L will be zero. How much of total potential energy
released upon condensation is attributed to kinetic energy generation on a particular linear
scale is determined by the horizontal transfer of water vapor on the considered scale. Indeed,
if all moisture evaporated in one half of considered area is precipitated in the same half
(without being transferred to the second half), then the horizontal pressure gradient across
the area will be zero. If, on the other hand, a certain part R of moisture evaporated in the
donor area is exported to the receiver area, then the power of air circulation generated on
scale L will be K = R/C of total condensation power C in the considered area.
From the mass balance equation for the water vapor we have
Pd = E −R, Pr = E +R, (28)
where Pd and Pr are total precipitation in the donor and receiver areas (that we assumed
to be of equal size), R is the amount of water vapor imported from the donor area to
the receiver area and E is evaporation assumed to be the same in both areas. Horizontal
transport of water vapor diminishes precipitation in the donor area and increases it in the
receiver area. Transfer coefficient K can be retrieved from the precipitation ratio r between
the two areas:
K ≡ R
Pr + Pd
=
1
2
(
1− r
1 + r
)
, r ≡ Pd
Pr
. (29)
The value of K can be viewed as describing the proportion of time and space that the
circulation in the considered area takes the form shown in Fig. 6, while during the rest
of time/space the horizontal pressure gradients on the considered area are zero. With an
account of the transfer coefficient our theoretical estimate for the surface pressure difference
on a spatial scale L becomes
∆ps = Kps(γ1 + γ3) =
(
pv1 + pv3
2
)(
1− r
1 + r
)
. (30)
We tested relationship (30) with the zonally averaged data for the two Hadley cells
(Fig. 8). For each month we computed the zonally averaged profile of SLP and meridional
velocity v at the surface. For each month we defined the Northern and Southern cell as
the areas where v > 0 and v < 0, respectively, and computed the pressure difference
∆ps between the poleward and the equatorial borders of each cell. We calculated transfer
coefficient K using donor/receiver precipitation ratios as in (29). We calculated the mean
surface water vapor partial pressure pv = pγ by averaging the product of monthly mean
relative humidity and saturated water vapor partial pressure corresponding to the monthly
mean surface air temperature in each grid point. All estimated parameters are listed in
Table 1.
In Fig. 9 we plotted the observed monthly ∆ps values versus the theoretical estimate
(30) for the Northern and Southern Hadley cells. The annual mean theoretical estimates
of ∆ps are within 30% of their observed values (Table 1), which can be considered a good
agreement in the view of several simplifying assumptions that we have made. The theoretical
and empirical ∆ps values display consistent changes throughout the year (Fig. 9). The order
of magnitude of ∆ps is set by the partial pressure of water vapor pvs in the donor area,
which changes little throughout the year. The seasonal behavior of ∆ps is governed by
the transfer coefficient K, which varies from 0.14 to 0.27 in the Southern cell and from
0.07 to 0.29 in the Northern cell. It is higher during the colder season, when the cell is
also larger (Fig. 9c,d, see also Dima and Wallace, 2003, their Fig. 1). While the poleward
border y1 moves towards the equator during the colder season, the near-equatorial border
y2 spreads to the other hemisphere, such that the winter cell comprises a larger part of the
precipitation peak than the summer cell (Fig. 8). This is manifested as an increase in the
transfer coefficient K.
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7 Moisture transport and surface air temperature
The surface temperature differences ∆Ts associated with pressure differences ∆ps are shown
in Fig. 9c,d. In the tropical area, where the solar flux varies least with latitude compared to
the extratropics, the horizontal transport of moisture and, hence, latent heat should play a
major role in the spatial distribution of temperature. Water vapor evaporates in the donor
area and condenses in the receiver area. Thus the donor area exports, and the equatorial
receiver area imports, significant amounts of energy in the form of latent heat. How could
this process influence surface temperature? We have a suggestion.
Consider an air parcel in the donor area that rises from the surface z = 0 up to a
certain height zp (Fig. 6). It starts from a surface pressure ps1 and surface temperature Ts1,
its temperature varies with a lapse rate Γ1. The parcel travels at this height towards the
equator where it descends and returns to the surface with a different lapse rate Γ2 > Γ1.
A relevant example is the ascent with a moist adiabatic and descent with a dry adiabatic
lapse rate. Upon the descent, at the surface this parcel will have a higher temperature
Ts2 = Ts1+∆Ts > Ts1. It will also have a lower pressure ps2 = ps1+∆ps < ps1. This is because
in the descending parcel being on average warmer than the ascending parcel, pressure grows
with diminishing height more slowly (its pressure scale height h (5) is larger). Therefore,
for such a process to be possible, the area where the warmer parcel descends must have
a lower surface pressure than where it started its ascent. (A remarkable example of such
descending motion in a warm low pressure area occurs in the eyes of the tropical storms,
which are both warmer than the zone of intense convection at the windwall (Montgomery
et al., 2006) and have lower pressure (Makarieva and Gorshkov, 2011).)
If pressure and temperature vary considerably less at zp (the height at which the parcel
moves) than at the surface, this height can be considered as both isobaric and isothermal,
zp = ze = zi. This condition allows one to find the difference in the parcel’s temperatures
at the surface from the known values of ∆ps and ∆Γ using (14) and (15):
Zp = Ze = Zi =
db
dc
= −2da
db
, db =
√−2da dc, ∆Ts = Ts
√
−2∆ps
ps
∆Γ
Γg
. (31)
Taking ∆ps = −7.7 hPa for the mean difference between the inner and outer ends of the
Hadley cell (Table 1) and ∆Γ = 4 K km−1 equal to the difference between the dry adiabatic
lapse rate and moist adiabatic lapse rate at T ≈ 283 K (Makarieva and Gorshkov, 2010,
their Fig. 4e) with ps = 1013 hPa and Ts = 298 K we obtain from (31) ∆Ts = 12.6 K, ratio
∆ps/∆Ts = −0.6 hPa K−1 and height zp ≡ Zphs = 3.2 km.
Theoretical estimate of the ratio ∆ps/∆Ts = −0.6 hPa K−1 is smaller by absolute
magnitude than the observed (the mean annual ratio is −0.9 hPa K−1 for the Southern and
−0.7 hPa K−1 for the Northern cell), while the estimated temperature difference 12.6 K
is larger than the observed (∆Ts = 8.3 K for the Southern and 9.0 K for the Northern
cell). Another discrepancy between the theory and observations is that the vertical mixing
apparently spreads the temperature difference well above the parcel height zp. While there
is indeed a local minimum of the temperature difference between the equator and the wider
tropics zp ≈ 3 km (Fig. 2a-e), this height is not strictly isothermal.
On the other hand, theoretical result (31) agrees with the observations in several essen-
tial ways. First, the pressure difference between the 30th latitudes and the equator at the
estimated height zp = 3.2 km is close to zero and indeed much smaller than at the surface
(Fig. 10), supporting our assumption that for the considered air parcel zp = ze. Note that
for Eq. (31) to hold, we do not need zp to be the local isobaric height at any point −−
we have only demanded that the pressure difference along zp between the areas where the
parcel ascends and where it descends is negligible compared to the pressure difference at
the surface. Second, the atmospheric layer up to zp = 3.2 km does indeed represent the
layer where the lapse rate increases from the wider tropics to the equator (Fig. 11). It is
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in this low layer that the equator, despite being the hotspot of rainfall and convection, has
a steeper lapse rate than the rest of the tropics. The equatorial lapse rate becomes moist
adiabatic only starting from about 5 km (Mapes, 2001). The descending motion of the low-
level air parcels transporting latent heat from the donor area provides an explanation to
this remarkable feature. Third, height of about 3 km represents the upper boundary of the
trade wind inversion layer (Schubert et al., 1995). Shallow convective clouds forming in this
layer represent a prominent feature of tropical convection −− in fact they are one of the
three dominant convective modes (Johnson et al., 1999). This shallow convection is more
common to the poleward ends of the Hadley cells and is absent near the equator supporting
the idea that the ascending motion driving the low-level convection is concentrated in that
area. Thus, the existence of moist air parcels rising around the 30th latititudes up to 3 km
and descending much closer to the equator does not contradict what we know about the
tropical cloud cover. Horizontal transport of latent heat and its conversion to sensible heat
in the lower atmosphere near the equator thus appears able to explain the observed surface
temperature distributions.
8 Discussion
In the literature surface pressure gradients are discussed as determined or generated by
gradients in sea surface temperature (Lindzen and Nigam, 1987; Sobel and Neelin, 2006;
An, 2011). For example, Sobel and Neelin (2006, p. 324) in their discussion of the model of
Lindzen and Nigam (1987) noted that surface temperature determines temperature in the
atmospheric boundary layer, which, in its turn, determines surface pressure via a hydrostatic
relationship. Likewise Bayr and Dommenget (2013) characterized the differential heating
of the planetary surface as a driver of changes in surface pressure.
Here we have revisited the concept of differential heating in a hydrostatic atmosphere.
As considered in Section 5, under certain conditions the surface temperature gradients can
indeed approximately determine pressure gradients, but only in the upper atmosphere. How-
ever, the magnitude of the surface pressure gradient cannot be deduced from the magnitude
of surface temperature gradient unless some additional postulates are made that would a
priori specify a relationship between the two. In particular, a linear relationship between
surface gradients of temperature and pressure is contingent upon the existence of a constant
isobaric height where pressure does not vary. The existence of such a constant height was
postulated in the models of Lindzen and Nigam (1987) and Bayr and Dommenget (2013).
Here we have used empirical evidence to demonstrate that there is neither a constant
isobaric height in the tropics nor is such a constancy a reasonable zero-order approximation.
The isobaric height (defined as the height where the meridional pressure gradient is zero)
varies from zero at the 30th latitudes to over 16 km near the equator. Its magnitude cannot
be deduced from any fundamental atmospheric parameters −− the physical model of Bayr
and Dommenget (2013) proposing the height of the troposphere as a universal isobaric
height was not correct (Section 2). We showed that the observed ratio between surface
pressure and temperature gradients defines the magnitude of the isobaric height if one more
essential parameter, the isothermal height, is known (Eq. 15). We thus conclude that the
existence of a relationship between surface pressure and temperature (with warm air having
low pressure) is not an argument that surface pressure gradients are driven by differential
heating. Conversely, the concept of differential heating based on a constant isobaric height
cannot explain why the surface temperature and pressure gradients across the tropics have
the magnitudes observed.
In contrast, we have demonstrated that evaporation and condensation can produce the
observed SLP differences of the order of ∆ps ∼ 10 hPa in the zonally averaged Hadley
cells (Section 6). The scale of the pressure differences is set by the mean partial pressure of
the water vapor in the donor area. Their actual magnitude depends on the efficiency K of
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horizontal moisture transport (30). Coefficient K (29) describes the ratio of the intensity of
condensation associated with horizontal moisture transport on a length scale comparable to
the length of the Hadley cell to the intensity of condensation associated with smaller-scale
local eddies. The efficiency K of horizontal moisture transport grows with the increasing
linear size of the Hadley cell. In winter cells both in Northern and Southern hemispheres K
reaches its maximum value of 0.3. In the smaller summer cellsK falls to about 0.1 (Table 1).
The maximum possible value of K = 1/2 would imply that all water vapor evaporated in
the poleward half of the Hadley cell (the donor part) has been transported to the equatorial
counterpart and precipitated there. K = 0 means that all evaporated moisture precipitates
locally – i.e. that the characteristic transport length is much less than the cell length L.
In such a case, when condensation is spatially uniform, the vapor sink obviously does not
produce any large-scale pressure gradient.
What determines the seasonal changes in K? Condensation in the rising air must, by
mass conservation constraints, always involve some horizontal air motion. If we have an
isothermal surface uniformly heated by the Sun convection can occur just by symmetry
breaking: if the air begins to condense in one place, there will be rising motion and hori-
zontal import of moisture to the area of condensation. Several studies, most importantly
Holloway and Neelin (2010) for an equatorial island and Sharkov et al. (2012) in the context
of tropical cyclones linked the probability of convective rain to the amount of water vapor
in the atmospheric column. The higher the amount of water vapor, the higher the prob-
ability of (intense) convection. Any small differences in solar radiation over an otherwise
uniform oceanic surface will translate into differences in the accumulated flux of evaporated
water vapor. Since likelihood of rain rises sharply with columnar water vapor content (e.g.,
Holloway and Neelin, 2010, their Fig. 10b), the area receiving more solar flux will develop
convection sooner than the area that receives less. This will lead to a drop of pressure and a
horizontal transport of moisture towards the area where condensation takes place (see also
discussion by Makarieva et al., 2014b). The pressure gradient generated through this pro-
cess enhances horizontal motion and moisture transport which reinforces and enhances the
pressure gradient itself. Therefore even a small gradient in solar radiation can in principle
cause significant spatial gradients in condensation intensity. In such a case, condensation
will be more spatially uniform (i.e., K will be lower) in summer than in winter cells, in
agreement with observations (Table 1).
With condensation intensity depending on minor differences in local water vapor amounts,
natural forests with their intense evapotranspiration can play a much larger role in deter-
mining the position of active convective zones than is generally recognized (Makarieva and
Gorshkov, 2007; Makarieva et al., 2014b). For example, the on-going discussion concerning
possible slow-down of the Walker circulation focuses on the relationships between sea level
temperature and pressure (e.g., Tokinaga et al., 2012), while the concurrent large-scale de-
forestation on the Maritime Continent and the associated changes in evapotranspiration
are never considered as possible drivers of the regional changes in convection.
We have additionally suggested that horizontal transport of latent heat from the out-
skirts of the Hadley cells (donor areas) toward their inner equatorial parts (receiver areas)
can lead to formation of a horizontal surface temperature gradient (Section 7). Latent heat
captured as water vapor at the 30th latitudes is transported by the converging air towards
the equator. Convective eddies where the air descends dry adiabatically ensure that part of
this heat is returned to the surface in sensible form. This process may partially account for
the fact that the equator in the lower atmosphere (up to 850 hPa) has a steeper lapse rate
than the rest of the tropics (Fig. 11).
In the extratropics latent heat release was discussed as a mechanism stabilising the
upper tropospheric temperatures during winter time in the extratropics (Herman et al.,
2008). In the tropics, the effects of evaporation and latent heat release have been considered
extensively in the context of climate stability (Wallace, 1992; Ramanathan and Collins,
1991; Bates, 1999; Caballero, 2001; Bates, 2012). Wallace (1992) observed that evaporation
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can cool the surface as the latent heat released in the upper atmosphere will be rapidly mixed
in the horizontal dimension cooling the warm surface more than it warms cool surfaces.
However, this cooling mechanism considers only export of local latent heat resulting from
condensation of moisture evaporated in the region of ascent. Meanwhile, condensation in
the ascending air is necessarily accompanied by import of moisture and, hence, latent heat
from the adjacent areas to the area of ascent. If, as we proposed, this additional latent heat
is released and converted to sensible heat in low-level eddies in the zone of convection, the
outcome may be not a uniform temperature distribution but, rather, a creation of a surface
temperature gradient. We have shown that moist air parcels in convective eddies rising to
the height of the trade wind inversion and descending in the low pressure equatorial area
can produce temperature gradients of magnitudes close to the observed.
Since higher temperatures are associated with higher atmospheric content of water va-
por, a surface temperature gradient can be another mechanism responsible for the spatial
non-uniformity of condensation intensity besides the surface gradient in absorbed solar ra-
diation. If horizontal transport of latent heat is a major factor determining the surface
temperature gradients in the tropics, this can provide an alternative explanation for the
relative constancy of near equatorial temperatures (Wallace, 1992). Suppose the extratrop-
ics cooled compared to the equator. This enhanced the temperature difference between the
equator and the tropics and led to an extra import of latent heat towards the equator. In
the result, in the new cooler climate the equator cooled less than the tropics because of
this extra heat. Conversely if the extratropics warm, this leads to a decline in latent heat
transport towards the equator, such that in the new warmer climate the equator warms
less. In the result equatorial temperatures become more stable than at higher latitudes with
respect to temperature fluctuations originating in the extratropics. In summary, we believe
that the perspectives opened by the concept of condensation-driven winds merit further
investigations.
A Appendix: Relationship between Ts and Ta
The relationship between surface temperature Ts and the mean temperature Ta(Z) of the
atmospheric column below Z can be derived from (7) and the hydrostatic equation (5):
Ta(Z) ≡
∫ Z
0
T (Z)ρdZ∫ Z
0
ρdZ
=
Ts
1 + c
1− e−cZe−Ze−cZ2/2
1− e−Ze−cZ2/2 , Z ≡
z
hs
, cZ  1. (31)
Expanding (A) over c and keeping the linear term we have
Ta = Ts
[
1− c
(
1− Z
eZ − 1
)]
. (31)
Taking the derivative of (A) over Ts and c we obtain:
dc =
db− dn
1− Z/(eZ − 1) , dn ≡
dTa
Ta
. (31)
For the height of the tropical troposphere z = H = 16.5 km, Ts = 298 K and Γ = 6.0 K km−1
(Fig. 11) we have Z = 1.9, c = 0.18, 1− Z/(eZ − 1) = 0.66 and obtain from (A) and (A)
Ta = 0.88Ts, db = dn+ 0.66dc,
dTs
dTa
=
1
0.88
(
1 + 0.66
dΓ
dTa
Ta
Γg
)
. (31)
The mean tropospheric Ta = 262 K in the tropics estimated from (A) agrees with the
tropical mean Ta = 261 K that we estimate from the TTT data of Mears and Wentz (2009)
and with Ta = 263.6 K cited by Bayr and Dommenget (2013).
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From (A) we can see that the relative changes db and dn of Ts and Ta coincide, db = dn,
if only the lapse rate does not vary, dc = 0. In the tropical atmosphere this is not the
case: areas with higher Ts (db > 0) have a higher lapse rate dc > 0 (Fig. 11). Therefore,
in the tropics db > dn. Table 2 lists the results of the reduced major axis regression of
∆Ts = Ts−Ts on ∆Ta = Ta−Ta in the tropics (from 27.5°S to 27.5°N) for different months
on land and in the ocean. On average we have ∆Ts/∆Ta = 1.8. Therefore, the result
of Bayr and Dommenget (2013) ∆ps/∆Ta = −2.4 hPa K−1 corresponds to ∆ps/∆Ts =
(∆ps/∆Ta)/(∆Ts/∆Ta) = −1.3 hPa K−1 as considered in Section 4.
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B Tables
Table 1: Parameters of Eq. (30) and other relevant parameters of Hadley cells: y1 and y2
are the outer borders of the donor and receiver areas (Fig. 6), respectively; L cell length,
P , Pd and Pr are mean precipitation in the cell as a whole, in the donor and receiver
areas, respectively; K is the moisture transport coefficient (29); pv1 and pv3 are partial
pressures of water vapor at the surface at y1 and y3 ≡ (y2 + y1)/2 (the inner border of the
donor and receiver areas); ps1, Ts1, Ta1 are surface pressure, surface air temperature and
mean tropospheric temperature, respectively, at y1; ∆ps, ∆Ts and ∆Ta are differences in
respective variables at y1 and y2 (e.g., ∆ps = ps2 − ps1); ∆ps∗ is the theoretical estimate
(30) of ∆ps.
Time y1 y2 L P Pd Pa K pv1 pv3 ps1 Ts1 Ta1 ∆pso ∆pst ∆Ts ∆Ta
°lat mm day−1 hPa K hPa K
Southern cell
Jan −35.0 -5.0 30.0 3.8 2.4 5.0 0.17 17.4 24.0 1017.0 292.3 256.9 −6.67 −7.18 6.3 5.5
Feb −37.5 -5.0 32.5 3.9 2.6 5.3 0.18 16.5 24.7 1017.5 291.2 256.1 −7.16 −7.26 7.7 6.4
Mar −37.5 -2.5 35.0 3.9 2.6 4.8 0.15 15.9 24.2 1018.0 290.6 255.1 −7.77 −5.90 8.5 7.6
Apr −35.0 2.5 37.5 3.8 2.6 4.6 0.14 15.9 24.0 1018.5 290.8 254.4 −8.30 −5.60 8.7 8.5
May −30.0 7.5 37.5 3.7 2.2 4.9 0.19 15.8 24.9 1018.7 291.1 255.0 −8.10 −7.63 8.5 7.9
Jun −27.5 15.0 42.5 3.6 1.9 5.4 0.24 15.2 26.4 1019.8 290.5 255.3 −9.08 −10.10 10.0 7.7
Jul −27.5 17.5 45.0 3.6 1.7 5.2 0.25 14.2 25.3 1020.8 289.7 254.9 −10.10 −9.89 10.9 7.9
Aug −30.0 17.5 47.5 3.4 1.4 4.9 0.27 13.1 24.0 1020.9 288.6 253.5 −10.40 −9.87 12.0 9.4
Sep −30.0 15.0 45.0 3.3 1.5 4.9 0.26 13.4 24.5 1020.3 289.3 254.0 −9.57 −9.97 10.9 8.6
Oct −32.5 10.0 42.5 3.2 1.8 4.5 0.22 13.6 24.6 1019.5 289.1 253.6 −8.59 −8.34 10.2 8.7
Nov −32.5 5.0 37.5 3.1 2.1 3.9 0.15 15.0 23.4 1018.0 290.7 255.0 −7.49 −5.70 8.1 7.5
Dec −35.0 0.0 35.0 3.5 2.4 4.4 0.15 15.8 23.8 1017.0 290.8 255.4 −6.64 −6.02 7.6 7.1
Ann −32.5 5.0 37.5 3.3 2.2 4.0 0.14 15.3 23.2 1018.5 290.7 254.8 −7.69 −5.38 8.3 7.7
Northern cell
Jan 30.0 -5.0 35.0 3.0 1.3 4.5 0.28 11.0 21.9 1019.6 285.6 254.7 −9.28 −9.23 13.0 7.8
Feb 30.0 -5.0 35.0 2.8 1.1 4.1 0.29 11.0 21.7 1018.6 286.2 254.7 −8.35 −9.34 12.7 7.8
Mar 30.0 -2.5 32.5 2.8 1.1 3.9 0.27 11.7 21.1 1017.8 288.1 255.4 −7.57 −8.86 11.0 7.2
Apr 32.5 2.5 30.0 2.8 1.4 3.9 0.24 12.2 21.0 1016.7 288.3 255.2 −6.53 −8.01 11.1 7.7
May 32.5 7.5 25.0 3.1 1.8 4.1 0.19 14.4 21.1 1015.6 291.3 257.7 −5.00 −6.70 8.3 5.1
Jun 35.0 15.0 20.0 2.6 2.2 2.9 0.07 16.3 21.3 1015.1 292.5 259.6 −4.38 −2.54 8.0 3.4
Jul 37.5 17.5 20.0 2.7 2.1 3.2 0.10 18.2 21.3 1014.8 294.7 260.8 −4.09 −4.14 5.8 2.0
Aug 40.0 17.5 22.5 2.9 2.0 3.5 0.13 17.6 21.1 1014.9 294.8 260.3 −4.43 −4.85 5.7 2.6
Sep 40.0 15.0 25.0 3.1 2.1 3.8 0.14 15.0 20.9 1016.5 291.9 258.1 −5.80 −5.08 8.3 4.4
Oct 37.5 10.0 27.5 3.5 2.1 4.7 0.20 13.3 21.4 1018.4 288.6 255.6 −7.45 −6.85 10.7 6.7
Nov 35.0 5.0 30.0 3.5 1.9 4.7 0.21 11.7 20.7 1020.1 285.5 253.8 −9.63 −6.93 13.3 8.7
Dec 30.0 0.0 30.0 3.1 1.5 4.4 0.24 12.1 21.7 1020.0 287.1 255.6 −9.71 −8.12 11.4 6.9
Ann 32.5 5.0 27.5 3.4 2.0 4.7 0.20 14.1 22.1 1017.0 290.0 257.1 −6.11 −7.41 9.0 5.4
Table 2: Slope values C and squared correlation coefficients R2 (in braces) for Reduced
Major Axis regressions of ∆Ts on ∆Ta (∆Tsi = C∆Tai), ∆Tsi ≡ Tsi − Ts, ∆Tai ≡ Tai − Ta
where Xi (X = Ta, Ts) is the value of X in the i-th gridpoint and X is the tropical mean
value of X (between 27.5°S and 27.5°N as in (Bayr and Dommenget, 2013)) in a given
month or annually averaged. N is the number of gridpoints analyzed.
Total tropics (N = 3312) Ocean (N = 2476) Land (N = 836)
Jan 2.1 (0.49) 1.5 (0.57) 2.5 (0.71)
Feb 2.0 (0.49) 1.5 (0.63) 2.4 (0.64)
Mar 1.9 (0.47) 1.5 (0.69) 2.6 (0.47)
Apr 1.8 (0.48) 1.4 (0.72) 2.8 (0.43)
May 1.8 (0.55) 1.3 (0.69) 2.6 (0.62)
Jun 1.8 (0.60) 1.4 (0.67) 2.4 (0.73)
Jul 1.8 (0.62) 1.5 (0.68) 2.2 (0.75)
Aug 1.8 (0.61) 1.6 (0.67) 2.2 (0.69)
Sep 1.8 (0.56) 1.6 (0.64) 2.3 (0.53)
Oct 1.8 (0.46) 1.6 (0.62) 2.8 (0.30)
Nov 1.9 (0.39) 1.6 (0.59) 2.9 (0.36)
Dec 2.1 (0.44) 1.5 (0.57) 2.7 (0.61)
Annual 1.8 (0.44) 1.5 (0.65) 2.8 (0.46)
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Figure 1: The observed isobaric height ze ≡ Zehs (black curve with asterisks) (the height
where the meridional pressure gradient ∂p(ze)/∂y = 0), the observed ratio of the meridional
gradients of SLP and surface air temperature −(da/db)hs = −(∂ps/∂y)/(∂Ts/∂y)(Ts/ps)hs
(purple curve with open circles) and its theoretical estimate (12) with isothermal height
zi ≡ Zihs = 12 km (blue curve with open squares). Missing points indicate latitudes where
the meridional pressure gradient does not change its sign anywhere between the 1000 hPa
and 70 hPa pressure levels. Green curves show (minus one times) the meridional gradients
of SLP (solid, in 0.05 hPa (°lat)−1) and surface air temperature (dashed, in 0.1 K (°lat)−1).
The negative values are used to ease readability. Note that the sharp fluctuations in the
purple curve correspond to latitudes where the surface temperature gradient is near zero
(db = 0).
22
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
á á á
ç ç ç
ò ò ò
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
á
á
á
á
á
á
á
á
á
á
á
á
á
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ç
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
ò
0.0 0.1 0.2 0.3 0.4
¶T ¶ y IK o lat-1M
0
2
4
6
8
10
12
14
16
18
20
H
ei
gh
tH
km
L
HaL
30oS-30oN
0.0 0.1 0.2 0.3 0.4
¶ p ¶ y IhPa o lat-1M
0
2
4
6
8
10
12
14
16
18
20
H
ei
gh
tH
km
L
HdL
30oS-30oN
0.0 0.1 0.2 0.3
¶T ¶ y IK o lat-1M
HbL
20oS-20oN
January
July
Annual
0.0 0.1 0.2 0.3
¶ p ¶ y IhPa o lat-1M
HeL
20oS-20oN
0.0 0.1 0.2
¶T ¶ y IK o lat-1M
HcL
10oS-10oN
0.0 0.1 0.2
¶ p ¶ y IhPa o lat-1M
Hf L
10oS-10oN
Figure 2: Vertical profiles of the meridional temperature (a-c) and pressure (d-f) gradients
taken by absolute magnitude and averaged from 30°S to 30°N (a,d), 20°S to 20°N (b,e) and
10°S to 10°N (c,f) in January (blue squares), July (pink circles) and annually (black trian-
gles). The pantropical constant isothermal height zi ≈ 12 km corresponds to a minimum
of |∂T/∂y| that is practically independent of the averaging area. In contrast, height of the
minimum pressure gradient in the lower atmosphere moves upwards from less than 2 km (d)
to 8-10 km (f) as the averaging area decreases. This reflects the growth of isobaric height
towards the equator (cf. Fig. 1a,g).
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Figure 3: Mean ratio between local monthly changes of SLP ps and surface temperature Ts
(larger top left panel) and SLP and tropospheric temperature Ta (larger lower left panel).
The ratio is estimated as the slope coefficient of a Reduced Major Axis regression of ∆˜ps ≡
ps(m2) − ps(m1) on, respectively, ∆˜Ts ≡ Ts(m2) − Ts(m1) and ∆˜Ta ≡ Ta(m2) − Ta(m1),
where ∆˜ps, ∆˜Ts and ∆˜Ta are the monthly changes of the respective variables between
two consecutive months m1 and m2. Black dots indicate where the probability level of the
regression is less than 0.01. The small panels exemplify seasonal changes of ∆˜ps, ∆˜Ts and
∆˜Ta in individual grid points (A, B, C, D and E) shown in the big panels, as well as the
tropical mean (the area between 27.5°S and 27.5°N). Note the different vertical scales in the
small panels. Tropical mean (± standard deviation) of the obtained local slope coefficients
are −1.1 ± 1.0 hPa K−1 (land −0.98 ± 0.62 hPa K−1, ocean −1.09 ± 1.11 hPa K−1) and
−2.0 ± 1.3 hPa K−1 (land −2.2 ± 0.8 hPa K−1, ocean −1.9 ± 1.4 hPa K−1) for the larger
upper and lower panels, respectively.
24
05
10
15
20
H
ei
gh
tH
km
L
HaL
HbL
HcL HdL
-10 -5 0 5 10
Dp HhPaL
0
5
10
15
20
H
ei
gh
tH
km
L
HeL
-10 -5 0 5 10
Dp HhPaL
Hf L
-10 -5 0 5 10
Dp HhPaL
HgL
-10 -5 0 5 10
Dp HhPaL
HhL
H
ei
gh
tH
km
L
January
0-30 oS
0-20 oS
0-10 oS
July
0-30 oS
0-20 oS
0-10 oS
January
0-30 oN
0-20 oN
0-10 oN
July
0-30 oN
0-20 oN
0-10 oN
-10 -5 0 5 10
db=0, Zi=0
dc=-0.01
dc=-0.02
dc=-0.03
-10 -5 0 5 10
H
ei
gh
tH
km
L
dc=0, Zi=¥
db=0.01
db=0.02
db=0.03
-10 -5 0 5 10
Zi=1
db=0.01
db=0.02
db=0.03
-10 -5 0 5 10
Zi=Ze=Z0
db=0.01
db=0.02
db=0.03
H
ei
gh
tH
km
L
Z0
Z0
Z0
Z0
Figure 4: Vertical profiles of pressure differences ∆p(z) between air columns differing in their
lapse rate, surface pressure and temperature. Panels (a)-(d): theoretical profiles (10) with
dp = ∆p, da = ∆ps/ps, db = ∆Ts/Ts, zdc = ∆Γ/Γg (cf. 11), ps = 1000 hPa, Ts = 300 K. In
panels (a)-(d) da = −0.003, −0.006, −0.009 for the blue, black and red curves, respectively.
In each panel da/db = constant for all the three curves. Dashed line Z0 (19) shows the height
where the positive pressure difference in the upper atmosphere is maximum, ∆p(Z0) = ∆p0
(20). Note two isobaric heights in panel (c). In panel (d) note that condition Zi = Z0
(the atmosphere is horizontally isothermal where the positive pressure difference aloft is
maximum) yields Zi = Z0 = Ze = −2da/db = (−2da/dc)1/2, see (12), (19) and (14), and
∆p0 = 0, i.e. the pressure surplus aloft disappears. Panels (e)-(h): real vertical profiles of
zonally averaged pressure differences between the air columns at the equator and the 10th,
20th and 30th latitudes in the Southern (e,f) and Northern (g,h) hemispheres in January
(e,g) and July (f,h). E.g., the brown line in (e) shows the difference between the air column
at the equator and at 30°S in January. Note that while the theoretical curves (a-d) in each
panel are chosen such that they have one and the same isobaric height Ze (i.e., they cross
the line ∆p = 0 at the same point), this varies for the real profiles (e-h).
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Figure 5: Logarithm of the ratio of the meridional gradient of SLP taken with the minus sign
A ≡ −∂ps/∂y to the meridional pressure gradient in the upper atmosphere B ≡ ∂p(z0)/∂y.
B is calculated as the pressure difference ∆p0 at z = z0 (20) between two neighboring
latitudes divided by 2.5°: z0 is the height where |∂p(z)/∂y−∂ps/∂y| is maximum at a given
y. Missing values indicate latitudes where A and B are of different sign (and there is thus
no isobaric height in the troposphere, cf. Fig. 1a,g).
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Figure 6: Donor and receiver areas. Thick arrows indicate large-scale air flows. Conden-
sation occurs in the receiver area at hb ≤ z ≤ zc. Thin arrows indicate turbulent eddies
accompanying the large-scale flow with air parcels rising in the donor area with a low
(moist adiabatic) lapse rate (red curve) and descending in the receiver area with a higher
(dry adiabatic) lapse rate (blue curve). See text for other details.
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Figure 7: Tropical mean vertical profiles of the product of meridional velocity and merid-
ional pressure gradient in the lower atmosphere in January, July, and annually averaged.
Profiles constructed by calculating v∂p/∂y in each gridpoint at different pressure levels as
described and then averaging from 30°S to 30°N. Monthly data from NCAR-NCEP reanal-
ysis averaged for 1978-2013 (see Section 4 for more details).
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Figure 8: Zonally averaged atmospheric parameters of Hadley cells. Solid black curve:
annually averaged data, solid blue curve: January, dashed pink curve: July. Vertical lines
show the borders of the Southern and Northern cells in January (solid blue) and July
(dashed pink). These borders are defined as latitudes where meridional velocity is zero (a).
They simultaneously coincide with the two poleward maxima (the outer borders) and the
central minimum (the inner border) of SLP (b). Monthly data from NCAR-NCEP reanalysis
averaged for 1978-2013 (see Section 4 for more details).
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Figure 9: Seasonal dynamics of pressure and temperature differences across the Southern
(a,c,e) and Northern (b,d,f) Hadley cells. a,b: observed and theoretically estimated from
Eq. (30) SLP differences −∆ps ≡ ps(y1) − ps(y2) ≡ ps1 − ps2 and the squared correlation
coefficient for the ordinary least square regression between them. c,d: Relative changes of
SLP and temperature differences ∆ps and ∆Ts and cell length L (all divided by their annual
mean values denoted by overbar). Squared correlation coefficients for the pairwise ordinary
least square regressions between the variables are also shown. e,f: Ratios of SLP difference
to surface temperature Ts and mean tropospheric temperature Ta differences. See Table 1
for all numerical values.
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Figure 10: Annual mean difference p(y) − p(0) between pressure at latitude y and the
equator at different heights. E.g. curve 1 in (a) shows meridional pressure variation at
height z = 0.12 km, which is equal to the tropical mean geopotential height of pressure
level 1000 hPa. Note that the pressure difference between the 30th latitudes and the equator
approaches zero for z = 3.15 km (pressure level 700 hPa). Monthly data from NCAR-NCEP
reanalysis averaged for 1978-2013 (see Section 4 for more details).
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Figure 11: Annual mean latitudinal profiles of the air temperature lapse rate on different
pressure levels. For example, curve 1 in (a) shows the mean lapse rate between 1000 hPa
and 925 hPa; curve 2 −− between 925 hPa and 850 hPa; curve 11 −− between 150 and 100
hPa. The tropical mean lapse rate (the temperature difference between 1000 hPa and 100
hPa levels divided by the difference in the geopotential heights and averaged from 30°S to
30°N) is 6.0 K km−1. Panel (b) shows the relative variation – at each pressure level the lapse
rate at a given latitude is divided by the mean lapse rate at this level (averaged between
30°S and 30°N). The equator has a higher lapse rate than the 30th latitudes in the lower
and upper – but not the middle – troposphere.
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